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ABSTRACT  

The Atacama Desert (Chile) is one of driest places on Earth, with a hyper-arid climate and less 

than 2mm yr-1 precipitation; nevertheless, it has experienced rare periods of sporadic rainfall. 

These periods shortly enhanced vegetation growth and microbial activity, which must have utilized 

major nutrients such as phosphorus (P). However, any biological cycling of P involves an oxygen 

exchange with water, which should now reside in the hyperarid soils as tracer of life. In order to 

identify such evidences, we performed sequential P fractionation and analyzed the oxygen isotope 

composition of HCl-extractable phosphate (δ18OHCl-P) in the surface soil (0-15 cm) of a climatic 

gradient along the rising alluvial fans of the Central Depression to the Precordillera, Chile. At the 

driest sites, the δ18OHCl-P values were constant with depth and deviated from biologically-driven 

isotopic equilibrium. In contrast, we observed a considerable increase of δ18OHCl-P values below 

the soil surface at less arid sites, where some isotope values were even within the range of full 

isotopic equilibrium with biologically cycled phosphate. For the latter sites, this points to most 

efficient biological P cycling right below the uppermost surface of the desert. Critically, the 

absolute concentrations of this biologically cycled P exceeded those of P potentially stored in 

living microbial cells by at least two orders of magnitude. Therefore, our data provides evidence 

that δ18OHCl-P values trace not recent but past biological activity, making it a powerful tool for 

assessing the existence, pathways and evolution of life in such arid ecosystems on earth and, thus, 

potentially on other planets such as Mars.  



1. INTRODUCTION 

The Atacama Desert has been known as a long-term arid to hyper-arid desert that experienced 

rare periods of rainfall that temporarily enhanced vegetation growth and soil microbial activity 

(Schulze-Makuch et al., 2018). Its extension is bound and restricted by the Andes to the east and 

the Pacific Ocean to the west (Fig. 1), and it stretches for more than 3000 km from southern Peru 

in the north to south of Copiapo (Pinto et al., 2006). Predominant arid conditions exist along the 

coast, above the coastal cliff (Coastal Cordillera), and on the lower-elevated levels of the western 

Andean foreslope (Central Depression, parts of the Precordillera). Aridity increases towards the 

hyper-arid core (areas with less than 2mm yr-1 and preservation of Miocene surfaces. see Ritter et 

al. 2018), which is at present restricted to an area covering parts of the Coastal Cordillera and 

Central Depression, between 19-23°S. Precipitation increases by 1-2 orders of magnitude towards 

the east where the Andes increase in height (Fig.1, Houston, 2006). Three major forcing factors 

are responsible for the desertification and aridification: (1) the position of the Atacama Desert at 

the subtropical high-pressure belt, in a zone of descending stable air, which could have been 

established since the late Jurassic (Hartley et al., 2005); (2) the subduction of the Nazca Plate under 

the South American Plate, which led to the uplift and evolution of the Central Andes, implementing 

a significant rain-shadow effect for Atlantic air masses (Houston and Hartley, 2003); and (3) the 

establishment of the cold Humboldt Current to the west of the Atacama Desert, inhibiting moisture 

uptake of onshore winds (Hartley and Chong, 2002). To date, there is a wide range of proposed 

ages for the onset of hyperaridity in the Atacama Desert from the Pliocene to the Miocene (Hartley 

and Chong, 2002; Rech et al., 2003; Dunai et al., 2005; Nishiizumi et al., 2005; Latorre et al., 

2006; Rech et al., 2006; Nester et al., 2007; Evenstar et al., 2009; Jordan et al., 2014; Ritter et al. 

2018; Dunai et al., 2020).  



The alluvial fans of the northern Atacama are similar to presumably water-driven morphological 

features on Mars ( Morgan et al., 2014). Intense deposition and erosion cycles created these fans. 

Terrestrial cosmogenic nuclide exposure ages from these alluvial fans (north of Quebrada Aroma) 

indicate several phases of surface activity and subsequent inactivity (Quade et al., 2008). At 

present, surface drainage bypass by the Quebrada Aroma spanning from the arid Precordillera of 

the Andes towards the hyper arid core of the desert, preserved upslope surfaces of the Aroma 

transect, which are devoid of any signs of recent surface drainage. Moreover, a well-developed 

desert pavement on a calcium-sulphate rich soil, promoted by atmospheric deposition, protects the 

underlying layers (Anderson et al., 2002; Ewing et al., 2006; Evenstar et al. 2009). The layers 

beneath the uppermost soil surface might hold evidence of life buried by aeolian dust, which might 

also be the case on Mars (Navarro-González et al., 2003).   

A widely used method to detect and measure the distribution of geochemical versus biologically-

related P pools in soils is the sequential P fractionation (Hedley et al., 1982). This method relies 

on the concept that only readily extractable P is biologically available, while harsher extraction 

steps release P that is less available to organisms. Phosphates immobilize in soil with increasing 

time by occlusion within oxides and aggregates and precipitation with Ca minerals (Gérard, 2016). 

Thus, past traces of life may not necessarily be found in readily available P pools, but preserved 

in P fractions that are only prone to extraction by harsher reagents, e.g., by HCl (Helfenstein et al., 

2018). The oxygen isotopic  composition of phosphate (δ18OP) provides a proxy for distinguishing 

between geochemically and biologically cycled P forms and thus determining the importance of 

biological processes in soils (Blake et al., 2001; Tamburini et al., 2012). The combination of these 

two approaches has provided insights into P cycling in soils in a variety of environmental settings 

(Tamburini et al., 2012; Amelung et al., 2015; Bauke et al., 2017).  



The applicability of the δ18OP  method stems from the stability of P-O bond in phosphate under 

abiotic conditions at average temperatures at the Earth surface (Liang and Blake, 2007; Jaisi et al., 

2010). Indeed, only biological processes driven by enzymes can break the P-O bond and cause 

oxygen exchange between phosphate and ambient water either with equilibrium or kinetic isotope 

fractionation effects (Blake et al., 2001). Microorganisms take up inorganic P, which participates 

in several metabolic processes inside the cells. Intracellular pyrophosphatase enzymes catalyze the 

hydrolysis of pyrophosphate (P2O7, an important by-product of several metabolic processes) into 

two inorganic phosphate molecules, leading to a temperature-dependent equilibrium fractionation 

between oxygen in phosphate and ambient water (Blake et al., 2005; von Sperber et al., 2017). 

Outside the cell, plants and microorganisms produce extracellular phosphatase enzymes that 

hydrolyze phosphoesters and release available P, leading to a kinetic fractionation of oxygen 

isotopes. Phosphatases incorporate one or more oxygen atoms into the newly formed inorganic 

phosphate, while the remaining oxygen atoms are inherited from the original organic P moiety 

(Liang and Blake, 2006; 2009; von Sperber et al., 2014; 2015).  

Calcium carbonate minerals are the principal geochemical pool of P (operationally defined by 

the 1M HCl extract in the sequential P fractionation procedure) in alkaline soils (e. g. Aridisols; 

see Shen et al., 2020) and are considered to be a pool of unavailable P to plants and 

microorganisms. Although 1M HCl-extractable P is not directly engaged in biological cycling of 

P, its δ18Op composition might preserve the signal of soil P that was biologically cycled in the past 

(Amelung et al., 2015; Joshi et al., 2016). These secondary calcium minerals can form in the soil, 

co-precipitating P, that was previously biologically cycled, from the soil solution. It has been 

shown that the turnover time of HCl-P is from years to millennia, especially in arid environments 

with alkaline soils (Helfenstein et al., 2018). Thus, in certain environments, δ18OHCl-P might retain 



a signal of biological P cycling, unlike other more bioavailable P pools with a short turnover time. 

Shen et al. (2020) sampled soils (soil depth, 10-20 cm) from five Atacama study sites along a 

latitudinal gradient from 22 to 28 °S and revealed that arid sites exhibit higher δ18OPO4 values of 

soil Ca-P (19.5-25.3‰) and greater microbial P stocks compared to hyperarid sites. These data 

already demonstrated the utility of δ18OPO4 values as indicative of biogeochemical cycling in an 

extremely dry environment. However, there is still a lack of information about estimation of the 

δ18OHCl-P biologically-driven isotopic equilibrium range for these dry environments and how the 

δ18OHCl-P value changes at different soil depths from surface to the subsurface along elevation 

transects of the Atacama Desert. 

Here, we use the oxygen isotopes in phosphate combined with sequential P fractionation to study 

the history of phosphate in the hyper-arid environment of the Atacama Desert, where free water 

availability is the ultimate limiting factor for life (Navarro-González et al., 2003; Warren-Rhodes 

et al., 2006). Our research aim was to examine whether the δ18OHCl-P is outside of the calculated 

isotopic equilibrium range (which is expected if P derives only from weathered igneous parent 

material) or at equilibrium, as a result of biological activity. This methodology, if informative in 

the hyper-arid system of the Atacama Desert, might also offer options for tracing extraterrestrial 

life in meteorites or on Mars (Blake et al., 2001).  

2. MATERIALS AND METHODS 

 2.1. Study area 

The study area (the Aroma transect) is located on an alluvial fan in the north of Quebrada Aroma 

in northern Chile. The Aroma transect extends from the western side of the Andean Precordillera 

towards the Central Depression of the Atacama Desert (19°46'53.1''S, 69°40'02.4''W; 



19°31'42.7''S, 69°22'43.2''W; Fig. 1). The elevation decreases from the Andes towards the Central 

Depression, from about 2700 to 1300 m.a.s.l., following an increase of aridity.  

The Aroma transect is devoid of any vegetation due to the low amount of annual precipitation, 

which ranges from 26 mm year-1 at Ar2720 to 5 mm year-1 at Ar1340 (Houston, 2006) (Table S1). 

Annual plants grow with sufficient rainfall at higher elevations. The underlying parent material of 

the study area mainly consists of alluvial sediments of the El Diablo Formation (Pinto et al., 2004). 

The upper member of the El Diablo Formation covers the surface of the Aroma transect and 

consists of gravels and conglomerates of igneous origin from the Oligo-Miocene and Paleocene 

(basalt–andesite) (Pinto et al., 2004). The surface is covered by a well-developed desert pavement 

with a mostly homogenous mosaic of clasts. Due to long-term absence of surface activity or run-

off, atmospheric deposition of gypsum and other soluble evaporites led to the evolution of a 

gypsum soil cover. Thus, soils of the Aroma transect are weak to moderately alkaline (Table S1). 

Wang et al. (2015) calculated gypsum soil formation and deposition ages using meteoric 10Be in 

the Central Valley, and revealed the buildup of 2.25 m soil during the past ~6.6 Ma. The formation 

of the top10 cm soil was estimated to have occurred during the past ~0.29 Ma.  

Samples were taken in February 2014, from five elevations (2720, 2455, 2020, 1680 and 1340 

m.a.s.l.) (Fig.1), and from three depths (0-1, 1-5 and 5-10 cm). This strategy was chosen to separate 

surface crust from underlying layers, assuming the surface layer protects subsoils against wind 

erosion (Ewing et al., 2006). All sampling sites were completely devoid of plants at the time of 

sampling. 

In addition, samples (depths of 0-1, 1-5 and 5-10 cm) were collected at Yungay, located 

southeast of Antofagasta (Chile), around 60 km from the coast and at an elevation of about 1000 

m.a.s.l., with a mean precipitation between 2-5mm yr-1 (Houston, 2006). Due to the low 



precipitation, this site lacks vegetation. However, incidental evidence of microbial life has been 

found in the soils of Yungay (Navarro-González et al., 2003; Connon et al., 2007; Schulze-Makuch 

et al., 2018). 

2.2. Sequential P fractionation 

Soil P concentrations were determined by sequential P fractionation (Hedley et al., 1982; Tiessen 

and Moir, 1993), which could provide information on its potential availability. Four reagents 

(anion exchange resin, 0.5M NaHCO3, 0.1M NaOH and 1M HCl) were used successively to 

extract phosphate from 0.5 g of air-dried soil, and finally, residual P was extracted by aqua regia 

digestion at 130oC. The concentration of inorganic P in the extracted solutions was determined by 

the malachite green method (Ohno and Zibilske, 1991) and measured at 630 nm by a microplate 

reader (Tecan infinite M200pro spectrophotometer Groedig, Austria), total P (Pt) was determined 

by ICP-OES (ICP–OES; Ultima 2, HORIBA Jobin Yvon, Longjumeau, France), and organic P 

(Po) was calculated as the difference between Pt and Pi. 

2.3. Oxygen isotope composition of HCl-extractable Pi 

The preparation of silver phosphate for measuring δ18OHCl-P required first the extraction of 

phosphate from soil samples and then purification. Air-dried soils (20 g) were successively 

extracted by 0.5M NaHCO3 and 0.1M NaOH (1:10 soil: solution ratio) before a final extraction 

with 1M HCl. The alkaline extracts were discarded, and only the 1M HCl extract was used for the 

purification of phosphate (Amelung et al. 2015). The extracted phosphate was purified using the 

method developed by Tamburini et al. (2010). This was done by successive precipitation of 

phosphate as ammonium phosphomolybdate and then as magnesium ammonium phosphate. After 

this last precipitation step, the crystals were dissolved, the solution cleaned with a cation exchange 

resin and the remaining phosphate was precipitated as silver phosphate (Ag3PO4). Two of the 



samples with the highest content of HCl-Po were additionally extracted with 18O-labeled 1M HCl 

solution to detect the potential incorporation of oxygen from the reagent via inorganic hydrolysis 

of organic compounds and/or condensed phosphate. The δ18O value of silver phosphate (two 

replicates of the same sample) was measured by the Plant Nutrition group at ETH Zurich using a 

Vario PYRO Cube (Elementar, Hanau, Germany) in pyrolysis mode, coupled in continuous flow 

to an Isoprime 100 isotope ratio mass spectrometer (Isoprime, Manchester, UK). δ18O values are 

reported in the conventional δ notation relative to Vienna Standard Mean Ocean Water (VSMOW). 

Calibration of results was done by using an internal Ag3PO4 standard (δ18O = 14.2‰) and two 

international benzoic acid standards, IAEA 601 (δ18O = +23.3‰) and IAEA 602 (δ18O = +71.4‰) 

distributed by the International Atomic Energy Agency, Vienna, Austria. Standard deviation of 

replicate analysis of standards was ± 0.4‰. 

The empirical equation of Chang and Blake (2015) was used to calculate the equilibrium range 

of δ18Op, where T is the ambient temperature in K, and δ18Op and δ18Osw are δ18O values of 

phosphate and ambient soil water in ‰, respectively:  

  𝛿  18𝑂𝑝 = 𝑒
(

14.43

𝑇𝑠𝑜𝑖𝑙
−

26.54

1000
)

× (𝛿 18𝑂𝑠𝑤 + 1000) − 1000                     [1] 

The annual air temperature (Tair) was estimated by an empirical linear regression between 

elevation and temperature as developed by the Chilean Ministry of Public Affairs (Amphos 21 

Consulting Chile, 2013), which is based on the interpolation of data from adjacent weather stations 

(Table S1). Estimation of the annual soil temperature (Tsoil) was done using the data from two 

weather stations (Collaborative Research Center 1211, Hoffmeister, 2017) located approximately 

at the beginning (1366 m, 19°45'40''S, 69°39'18''W) and end (2639 m, 19°31'44''S, 69°23'31''W) 

of the Aroma transect. The difference between the annual soil and air temperature was 5.1 and 

4.1°C in stations 1366 and 2639 m, respectively. The mean of these values, 4.6°C, was used to 



estimate the soil temperature at the depth of 0-1 cm and 1-5 cm. Moreover, the annual soil 

temperature at the depth of 10 cm was 2.0 and 4.1°C higher than the surface soil, respectively, 

resulting in an increase of 3.1°C averagely to assess soil temperature for the 5-10 cm soil horizon. 

Although the 18O of rainwater varied between -11‰ and -1‰ from an extreme rainfall event in 

the Atacama Desert (Jordan et al., 2019), the 18O of precipitation at our sampling sites, which is 

within 50 kilometers from Ar1340 to Ar2720 (Fig. 1), is about -7.0 ‰ according to the published 

18O values of modern precipitation at similar elevation to Aroma (Aravena et al., 1999; Boschetti 

et al., 2019). Thus, -7.0 ‰ was used as the lower δ18OSW extreme for the equilibrium calculation. 

An enrichment factor of 3‰ and 6‰ was also used to calculate the mean and the upper extreme 

(Rothfuss et al., 2015; Schulze-Makuch et al., 2018). Another method to determine the δ18OSW is 

the use of oxygen isotope composition of soil carbonate according to the equation of Kim and 

O’Neil (1997): 

1000 × 𝑙𝑛α(𝐶𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒−𝐻2𝑂) = 18.03 × (103 × 𝑇𝑠𝑜𝑖𝑙  
−1) − 32.42      [2] 

where α is the fractionation factor between soil carbonate and soil water oxygen isotopes, and T is 

soil temperature in K. The fractionation factor α is related to δ as equation [3]: 

α(𝐶𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒−𝐻2𝑂) =
1000 + 𝛿𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒  

1000 + 𝛿𝐻2𝑂  
    [3] 

According to the research by Quade et al. (2007), 18O of soil carbonate in the soil layer of 0-10 

cm in Atacama Desert ranges from 30‰ to 32‰ at similar elevation to Aroma. Although the range 

of 18O in soil carbonate is limited by the amount of observed data, the calculated 18Osw ranges 

from -1.0 to 1.1 ‰, which is closer to the measured values (-7.0 – -1.0 ‰). We therefore, calculated 



the range of isotopic equilibrium between phosphate and water using the combined maximal 

possible range of 18Osw from -7.0 to 1.1‰. 

2.4. Isotopic equilibrium and contribution of biological P cycling in HCl-extractable Pi 

Based on the equation proposed by Gross and Angert (2015), the contribution of biological P 

cycling in HCl-P pool (%) was calculated based on the δ18OP values of the parent material [δ18OP 

(parent material)], the soil HCl-P pool [δ18OP (HCl-P pool)], and the isotopic equilibrium value [δ18OP 

(equilibrium)] in a mass-balance approach as: 

𝑃(𝑐𝑜𝑛𝑡𝑟𝑖𝑏𝑢𝑡𝑖𝑜𝑛 𝑏𝑦 𝑏𝑖𝑜𝑙𝑜𝑔𝑖𝑐𝑎𝑙 𝑐𝑦𝑐𝑙𝑖𝑛𝑔) =
𝛿 18𝑂𝑝 (𝐻𝐶𝑙−𝑃 𝑝𝑜𝑜𝑙) − 𝛿

 18𝑂𝑝 (𝑝𝑎𝑟𝑒𝑛𝑡 𝑚𝑎𝑡𝑒𝑟𝑖𝑎𝑙)  

𝛿 18𝑂𝑝 (𝑒𝑞𝑢𝑖𝑙𝑖𝑏𝑟𝑖𝑢𝑚) − 𝛿
 18𝑂𝑝 (𝑝𝑎𝑟𝑒𝑛𝑡 𝑚𝑎𝑡𝑒𝑟𝑖𝑎𝑙)  

                  [4] 

The δ18OP value of the parent material [δ18OP (parent material)] is10 ± 0.9 ‰ in Aroma (Table S3). 

The average soil temperature across Aroma transect and Yungay is 12.5°C in the depths of 0-1 and 

1-5 cm, and 15.6°C in the depth of 5-10 cm. The minimal, mean and maximal isotopic equilibrium 

values [δ18OP (equilibrium)] were calculated following Eq. [1], resulting in 17.1‰, 20.2‰ and 25.4‰ 

for the soil depth of 0-1 and 1-5 cm, and 16.5‰, 19.6‰ and 24.8‰ for the soil depth of 5-10 cm, 

respectively. 

3. RESULTS  

3.1. Various P pools separated by sequential P fractionation   

Inorganic P (Pi) dominated the overall composition of P pools (Fig. 2). Over 80% of the total P 

in the soils was HCl-extractable P. After that, residual P was the second largest P pool, contributing 

to about 8-23% of total P. The concentration of labile forms of P (resin and NaHCO3 P) was low 

with a range of 7-67 mg kg-1 in all the samples, though slightly elevated in the less arid sites 

Ar2020 and Ar2720 at 5-10 cm depth. The distribution of P among the different pools at the 



hyperarid Yungay was comparable at all three soil depths, and similar to the P distribution found 

in the driest site of the Aroma transect (Ar1340; Fig. 2).  

3.2. Oxygen isotope composition of HCl-extractable Pi 

We did not observe significant differences in δ18OHCl-P values between the same sample extracted 

by 18O-labeled and unlabeled HCl solutions (Table S3). We therefore concluded that inorganic 

hydrolysis and oxygen incorporation was not occurring during soil P extraction. According to Eq. 

1 and the δ18Osw range, the average minimum and maximum equilibrium δ18OHCl-P values of all 

sites among three soil layers were 16.5‰ and 25.4‰, respectively (Fig. 3; solid green lines). The 

δ18OHCl-P values at Yungay and at the driest site of Aroma (Ar1340) (Fig. 3) were in a similar 

range, and far away from the estimated range of isotopic equilibrium. At all sites, the surface soils 

(0-1cm) showed consistently the lowest δ18OHCl-P values, with a rising trend towards isotopic 

equilibrium with increasing soil depth (Fig. 3). Moreover, there was a considerable variation of 

δ18OHCl-P values in the upper soil layer, from 9.9‰ in the driest site to 12.2‰ in the wettest site. 

The variation was even larger in the deeper soil layers, with a variation of 6‰ and 13.8‰ in the 

second (1-5cm) and third (5-10cm) soil layer, respectively (Fig. 3). Hence, the degree of isotope 

exchange varied with soil depth and region. 

4. DISCUSSION 

4.1. Estimation of the oxygen isotope equilibrium  

In order to interpret the measured δ18OHCl-P values, the oxygen isotope equilibrium has to be 

estimated based on the δ18Osw value and soil temperature according to the Eq.1. Soil water in the 

Atacama Desert is derived from sporadic rainfall and gypsum hydration water (Shen et al., 2020). 

However, rainwater is the dominate soil water resource at arid sites in the Atacama Desert, even 



under conditions of less than 20 mm year-1 rainfall (Orlando et al. 2010; Schulze-Makuch et al. 

2018). Thus, δ18OSW was mainly determined by rainwater rather than gypsum hydration water.  

    Previous studies on oxygen isotope composition of rainfall water revealed that δ18O in rainwater 

was depleted in the high elevation area due to an altitude isotope effect when air masses ascend 

the Andes (Aravena et al., 1999; Boschetti et al., 2019; Shen et al., 2020). This effect is relatively 

weak between 2000 and 3000 m.a.s.l. in the Andes, whereas the δ18O value in rainwater (δ18Ow) 

declines strongly above 3500 m.a.s.l. (Fritz et al., 1981). Boschetti et al. (2019) reported that the 

δ18Ow value in the Andes’ rainwater  decreased from -7.13‰ (Alto Mocha, 19°45'5''S, 

69°17'55''W) to -7.51‰ only (Chusmiza, 19°42'22''S, 69°11'26''W) when elevation increased from 

2590 to 3360 m.a.s.l. Quade et al. (2007) showed that the δ18Ow value in rainwater remained stable 

at -5.6‰ when elevation increased from 130 to 1460 m.a.s.l. in the Paposa transect, indicating that 

altitudinal effects on rainwater oxygen isotope composition is hardly pronounced at such low 

levels above the sea. Here, all our sampled sites are located below 3500 m.a.s.l., with a mean range 

a.s.l of 1340 to 2720 m. across a distance of 50 kilometers (Fig. 1). Therefore, we consider a value 

of -7‰ as a justified lower limit of 18Ow of rainwater at the Aroma transect, which was thus used 

to calculate the lower limit of the equilibrium range for soil phosphates according to Eq. 1, in 

accordance with the published 18O values of precipitation at similar elevation in the Atacama 

Desert (Aravena et al., 1999; Boschetti et al., 2019). Yet, once the rainwater enters to soil, it may 

evaporate, leaving more stable isotopes behind. We thus also had to calculate an upper limit for 

the 18Ow of soil pore water and thus the equilibrium range for soil phosphates. 

    At the arid sites, continuous evaporation during the long intervals between two rain events in 

dry areas may lead to significant oxygen isotope fractionation and consequent enrichment of 

heavier 18O isotopes in soil water (Hsieh et al., 1998; Rothfuss et al., 2015; Schulze-Makuch et al., 



2018). The δ18OSW values thus generally increase from a minimum value at soil surface to a 

maximum value at the deepest part of the Evaporation Front (EF), from where they decrease 

exponentially with depth until reaching constant values at deeper soil layers (Allison et al., 1983). 

Rothfuss et al. (2015) showed that the EF could reach the depth of 6 cm in an initially saturated 

sand column after 290 days with a maximum stable 18O-isotope enrichment of about 6‰ relative 

to the land surface. Ebeling et al. (2016) also observed an enrichment due to soil water evaporation 

in the δ18O of soil water in the surface layers of a soil profile on a late Tertiary alluvial fan (located 

in the Atacama at ~ 28°10'), with an apparent enrichment of 3‰ to 4‰ compared to the δ18O value 

in the rainfall water. Schulze-Makuch et al. (2018) measured the δ18OSW value at Yungay site (-

1.95‰) one month after the exceptional rainfall in 2015 and found an enrichment of about 3‰ 

relative to the rainwater (~ -4.9‰ ± 1.1‰, calculated from the Bowen equation; Bowen and 

Revenaugh, 2003). They further measured δ18OSW values one year after the rain and found that 

δ18OSW was reset to that of rainwater. We thus consider a 6‰ enrichment factor which was also 

used to calculate the upper limit of the equilibrium window in order to cover the uncertainties of 

soil water enrichment over a larger timescale, and a stable-isotope enrichment by 3‰ as a 

reasonable enrichment factor for estimating the mean isotopic equilibrium value for each site. 

Meanwhile, a similar range of δ18OSW value (-1.0 to 1.1 ‰) was assessed according to the δ18O in 

soil carbonate, resulting in a bit higher for the upper limit of the equilibrium. Therefore, 1.1 ‰ 

was used for the calculation of maximal isotopic equilibrium.  

Indeed, the isotopic equilibrium range should cover values over a long period of time rather than 

just at the time of sampling. In the Atacama Desert, a precise reconstruction of the past temperature 

has so far been challenging due to the lack of a reliable long-term archive (Houston, 2002; Quade 

et al., 2007). In our study, air temperature ranged from 15.8 to 18.5°C at all research sites (Table 



S1) and soil temperature in the depths of 0-1 and 1-5 cm was obtained by the mean of air 

temperature with subtraction of 4.6 °C, which was the difference between air and soil surface 

temperature observed in weather stations. Meanwhile, soil temperature in the depths of 5-10 cm 

was 3.1°C higher than the surface soil. Although they only have two years of data available, it still 

provides information on the estimation of equilibrium oxygen isotope fractionations in phosphate.  

4.2. Interpretation of the measured δ18OHCl-P values 

In biological systems, full oxygen isotope exchange between phosphate and water can happen very 

fast. Cell-free experiments with a higher concentration of pyrophosphatase than natural 

environments revealed that biologically-driven isotopic equilibrium could occur after one or two 

days (Blake et al., 2005; von Sperber et al., 2017). In the Atacama Desert and under dry conditions, 

microbial activity likely persists at a minimal level, but it quickly increases when water is abundant 

(Jones et al., 2018; Schulze-Makuch et al., 2018). This implies that the biological activity and thus 

cycling of P may take place rapidly after each rainfall event.  

The δ18OP value of parent material in Aroma transect is around 10‰ (Table S3), resembling the 

δ18OP values of apatite in igneous rocks (6-8‰; Blake et al., 2010). The δ18OHCl-P values that are 

distant from the equilibrium range, such as Ar1340 and Ar2455 at 0-1 and 1-5 cm (Fig. 3), lack 

isotope effects of P cycling by biological processes (Tamburini et al., 2012; Helfenstein et al., 

2018). Indeed, no more than 8% of HCl-P has been biologically cycled at 0-1 and 1-5 cm in Ar2455 

as the estimated contribution of biological P cycling (Table 1). Previous studies have shown that 

fractionation by abiotic processes, like mineral precipitation, dissolution of apatite or adsorption-

desorption reactions of phosphate, is small and does not exceed 1‰ (Liang and Blake, 2007; Jaisi 

et al., 2010). Despite contradictory opinions about the isotopic effect of abiotic processes between 

Jaisi et al. (2010) and Melby et al. (2013), these are small compared to biotic processes and cannot 



cause large observed shifts of δ18OHCl-P values, as, e.g., observed for the increase in soil δ18OHCl-P 

values with depth at sites Ar2020 and Ar2720 (Fig. 3). This increase is also larger than that 

attributable to the evaporative enrichment of heavy oxygen at the soil surface (≤ 6‰; see above). 

Hence, this shift of δ18OHCl-P values towards isotopic equilibrium values indicates biological 

cycling of phosphates, and values within the isotopic equilibrium range indicate a complete oxygen 

isotope exchange between phosphate and ambient water. 

Although soil labile P (resin P, NaHCO3 P) concentrations in the Atacama Desert are lower in 

comparison with other ecosystems (Cross and Schlesinger, 1995), when microorganisms absorb P 

from labile pools, the metabolic pathways catalyzed by intracellular enzymes like inorganic 

pyrophosphatase lead to the temperature-dependent equilibrium between δ18Op and δ18OSW 

(Longinelli and Nuti, 1973; Blake et al., 2005; Tamburini et al., 2012). This biologically cycled P 

is then released after cell death and lysis (Tamburini et al., 2012). Over time, these phosphates can 

precipitate as secondary Ca-P minerals and, finally, overprint the δ18O value of primary Ca-P 

minerals in the HCl-P pool (Joshi et al., 2016).  

The long turnover time of the HCl-P pool allows to determine the soil biological mediated P 

cycling. In dry environments, primary P minerals can remain intact even after 150 kyr of soil 

development (Helfenstein et al., 2018). In a study by Tamburini et al., (2012) along a soil 

chronosequence with soil up to 3000 years of age, only the oldest soil had δ18OHCl-P values in the 

equilibrium range. Thus, in our study, the observed δ18OHCl-P values within the equilibrium range 

record the occurrence of biological activity during the rare periods when the water content in the 

soil was higher. The patchiness of 18OHCl-P values along the gradient, being larger at site Ar2020 

and Ar2720 than Ar1680 and Ar2455, reflects the spatial heterogeneity and uneven occurrence of 

life in the Atacama Desert (Navarro-González et al., 2003; Maier et al., 2004; Connon et al., 2007). 



By using the δ18OP values of the parent material, the soil HCl-P pool, and the isotopic equilibrium 

value, we estimate that the amount of P in the HCl-P pool was biologically cycled at the different 

sites and depths, before being precipitated as Ca-P minerals. According to the calculation based 

on minimum and maximal isotopic equilibrium value, 1-31% of P in HCl-P pool (except site 

Ar1340) were estimated for biological cycling in 0-1cm soil depth; this portion rose to 4-86% at 

1-5 cm depth, and more than 13% of biologically cycled P are found at 5-10 cm soil depth, 

respectively (Table 1; for calculations, see Equation 4). In general, the degree of biologically 

cycled P increased with soil depth (Table 1). This is valid at all sites, except site Ar1340, reflecting 

limited biological activity due to the least amount of rainfall. In contrast, past biological activity 

more or less accounted for full recycling of the soil HCl-P in 5-10 cm soil depth at higher rainfall 

sites of Ar2020 and Ar2720 (Table 1).  

     

    In principle, the input of phosphate via atmospheric deposition with higher δ18Op values (Gross 

et al., 2013) could potentially be a source of elevated δ18Op, although this should have rather led 

to δ18Op maxima at the soil surface and not below it. However, several evidences indicate that this 

was not the case. First, according to the P concentrations in dust and the amount of dust via 

atmospheric deposition (Ewing et al., 2006; Mahowald et al., 2008), the P content in dust at these 

site of the Atacama Desert was less than 8 mg kg-1, suggesting little impact from eolian sources 

on the 18OP of the studies sites. Secondly, studies reported that according to sampled soils across 

the desert, the mineral particles from atmospheric deposition were composed of anorthite 

(CaAl2Si2O8), calcium sulphate (CaSO4), quartz (SiO2), and albite (NaAlSi3O8) (Wang et al., 2014; 

2015). Although this description cannot give any indication on the P content of the dust, the 

mineralogical assemblage (except CaSO4, common in hyper arid regions) is characteristic of 



igneous origin of the dust. In this case, we would expect low 18OP values from the dust not high 

values (Mizota et al., 1992; Smith et al., 2021). About eolian contribution from sedimentary rocks, 

information on the P content of these formations is scarce, but it points to low P concentrations. 

Thirdly, 18OHCl-P values did not show a regular trend along elevation in the Aroma transect, which 

also refused the P source via atmospheric deposition. In addition, a study by Pinto et al. (2004) 

revealed that marine sedimentary rocks in the Andes to the east of the Atacama Desert lacked 

phosphate, without giving any additional estimation.  If outcropping Jurassic marine calcareous 

sediments from Coastal Cordillera are a source of high δ18Op values (Vásquez and Sepúlveda, 

2013), then this should have led to higher δ18Op in the sites of lower elevations, which was not the 

case. Therefore, the shift of δ18OHCl-P values in the Atacama Desert most likely resulted from past 

biological activities following rainfall occurrence, and it could be used as evidence of biologically 

cycled P. 

Knief et al. (2020) reported that soils of the Aroma transect contained up to 800 ng phospholipid 

fatty acids (PLFA) per gram soil. As there are different conversion factors in place to translate 

these values into microbial biomass, Willers et al. (2015) suggested to use the values directly as 

measures for living microbial biomass. Taking the most abundant PLFA C16:0 as reference, this 

means that we might expect about one third, i.e. approx. 270 ng of P in PLFA of living microbial 

cells. Phospholipids, together with nucleic acids are the dominant form of P, comprising of up to 

60% of total microbial P (Vadstein, 2000; Buenemann et al., 2011). Concentrations of HCl-Pi were 

in the range of a several hundred µg Pi g-1 soil, i.e., larger by a factor of 1000. Even if only one 

tenth was, on average, biologically cycled, this is still two magnitudes larger than the amount that 

could potentially be stored in living microbial biomass (which usually also contains Pi in more 

easily extractable pool). Even if such gross calculations have many remaining uncertainties, the 



different magnitudes provide a clear evidence, that our detected changes in 18Op values do not 

reflect recent living biomass but a preservation of a signal across at least several centuries a tracing 

of past life. Quantifying the latter and their related turnover times might now warrant further 

attention. 

5. CONCLUSIONS 

The most hyper-arid sites in the Aroma and Yungay regions of the Atacama Desert showed little 

evidence of biological P. However, biological cycling of soil P did increase with decreasing aridity. 

Even though biological cycling has a relatively small share in the overall P cycling in this 

environment, it has a significant effect on the oxygen isotopic composition of phosphates, which 

was preserved in secondary minerals forming during the precipitation of secondary calcium 

phosphates. The δ18O in phosphate is therefore a powerful tool to trace past biological activity in 

the Atacama Desert, which approaches the dry limit on Earth for various forms of life. Given the 

extreme environment of the Atacama desert, this method could possibly be used to trace evidence 

of life in other extreme terrestrial and extraterrestrial environments, such as Mars.  
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Figure captions 

Fig. 1- (A) Colour shaded digital elevation model (Derived from SRTM-data, created using 

ArcGIS 10.5.1) with precipitation isoheyts (dashed black lines, Houston et al. 2006). Black line 

indicates the border between summer- and winter-rain dominated areas. The location of sampling 

sites at Yungay and along the Aroma aridity gradient in Chile are marked in red. (B) Satellite 

image (Google-Earth) indicating elevations of the Aroma transect (red circles), which decrease 

from the Andes towards the Central Depression, from 2720 to 1340 m.a.s.l. 

Fig. 2- Concentration of different P pools extracted by sequential P extraction in mg kg-1. 

Fig. 3- δ18OHCl-P values in the three depth intervals and theoretical equilibrium calculated by annual 

mean soil temperature. The minimal and maximal equilibrium (solid green line) are calculated by 

δ18O of rainwater estimated as -7‰ (Aravena et al., 1999; Boschetti et al., 2019) and 1.1‰ for the 

upper limit.  Red line is the δ18OP value of bedrock in Aroma. Error bars represent the standard 

deviation of the mean (n=2). 

  



Table 1- The percentage of biological cycling P in HCl-P pool was calculated based on δ18OP 

values of the parent material, the soil HCl-P pool, and the isotopic equilibrium value, including 

the minimal, mean, and maximal isotopic equilibrium values. 

Site 

Sampling 

depth 
δ18OHCl-P 

Biological cycled P in 

HCl-P pool (minimal 

isotopic equilibrium 

value) 

Biological cycled P in 

HCl-P pool (mean 

isotopic equilibrium 

value) 

Biological cycled P in 

HCl-P pool (maximal 

isotopic equilibrium 

value) 

cm ‰ % % % 

Ar1340 0-1 10.0 - - - 
 1-5 10.1 - - - 
 5-10 10.0 - - - 

Ar1680 0-1 11.5 21.1 14.8 9.74 
 1-5 13.9 55.0 38.4 25.32 
 5-10 12.4 35.9 24.4 15.84 

Ar2020 0-1 11.4 19.0 13.3 8.77 
 1-5 15.9 82.4 57.5 37.99 
 5-10 23.8 100.0* 100.0* 92.99 

Ar2455 0-1 10.2 2.8 2.0 1.30 

 1-5 10.6 7.8 5.4 3.57 

 5-10 11.9 29.0 19.8 12.80 

Ar2720 0-1 12.2 31.0 21.6 14.29 

 1-5 16.1 86.0 60.0 39.61 

 5-10 22.5 100.0* 100.0* 84.23 

 Ar1340 cannot be calculated due to its δ18OHCl-P values are close to the δ18OP value of the parent material. 

*When the percentage of biological cycling P is larger than 100%, it is replaced by 100%. 
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Supplementary information for 

Phosphate Oxygen Isotope Fingerprints of Past Biological Activity in the Atacama Desert 

 

Table S1. The elevation, mean annual temperature, mean annual rainfall, calculated minimum and maximum equilibrium δ18OP values, 

and soil pH for all sampling sites. 

Site 

Geographic 

location 
Elevation 

(m.a.s.l.) 

Soil bulk density* 

(g cm-3) 

Mean annual 

temperature 

(oC) 

Mean annual 

rainfall 

(mm year-1) 

Minimum 

equilibrium 

(‰) 

Maximum 

equilibrium 

(‰) 

Sampling 

depth 

(cm) 

Soil 

pH 

Ar1340 
19°46'53.1'' S 

69°40'02.4'' W 
1340 1.08 18.5 5 16.30 25.14 

0-1 

1-5 

5-10 

7.

9 

8.

1 

8.

4 
 

Ar1680 
19°39'18.6'' S 

69°35'31.5'' W 
1680 1.32 18.2 7.5 16.35 25.19 

0-1 

1-5 

5-10 

7.

8 

8.

0 

8.

3 
 

Ar2020 
19°35'44.8'' S 

69°30'26.8'' W 
2020 1.64 17.7 11.3 16.44 25.28 

0-1 

1-5 

5-10 

7.

7 

8.

5 

8.

4 
 

Ar2455 
19°33'02.0'' S 

69°25'38.5'' W 
2455 1.80 16.6 19 16.63 25.48 

0-1 

1-5 

5-10 

7.

6 

7.

9 

8.

3 
 

Ar2720 
19°31'42.7'' S 

69°22'43.2'' W 
2720 2.08 15.8 26.1 16.77 25.63 

0-1 

1-5 

5-10 

7.

5 



8.

1 

8.

8 
 

Yungay 
24°06'06.1'' S 

70°01'05.8'' W 
1000 2.32 15.7 3.3 16.79 25.65 

0-1 

1-5 

5-10 

  7.6 

  8.2 

  8.2 
*Soil bulk density refers to the depth of 0-15cm, which cited from Moerchen et al. (2019). 

Mean annual Rainfalls are calculated by the equation of Houston (2006). 

Mean annual temperatures are calculated by an empirical linear regression between elevation and temperature developed by the Chilean Ministry of Public Affairs (Amphos 21 

Consulting Chile, 2013).
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Table S2. Phosphorus concentrations of Hedley P fractionations for all sampling sites. 

Site 

Sampling 

depth 

H2O 

Pi 

H2O 

Po 

NaHCO3 

Pi 

NaHCO3 

Po 

NaOH 

Pi 

NaOH 

Po 

HCl 

Pi 

HCl 

Po 

Residual 

P 

cm mg kg-1 

Ar1340 

0-1 2 0 4 1 6 0 621 0 68 

1-5 3 1 0 0 6 0 531 0 51 

5-10 5 0 27 1 4 0 499 0 50 

Ar1680 

0-1 3 4 10 4 12 0 781 100 87 

1-5 0 1 3 4 5 3 702 99 90 

5-10 2 0 6 0 6 0 597 0 83 

Ar2020 

0-1 10 1 7 2 19 0 538 0 177 

1-5 3 3 4 4 12 0 687 134 100 

5-10 46 6 12 3 8 2 928 164 141 

Ar2455 

0-1 9 0 7 8 10 0 651 115 79 

1-5 8 1 3 4 9 0 642 165 93 

5-10 5 2 4 4 7 2 281 0 71 

Ar2720 

0-1 3 6 9 6 18 0 511 1 76 

1-5 25 6 9 11 18 1 808 118 111 

5-10 42 7 7 4 20 1 991 231 170 

Yungay 

0-1 0 5 13 0 10 0 471 0 43 

1-5 0 1 5 0 3 0 520 0 59 

5-10 0 1 9 0 3 1 472 3 61 
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Table S3. The δ18OP values of HCl-extractable P for all sampling sites. 

Site 

Sampling 

depth 

  
δ18OHCl-P SD δ18OHCl-P

* SD 
δ18OHCl-P  

SD 
 labeled water 

cm   ‰   ‰   ‰   

Ar1340 

0-1 
1 10.1 

0.4 
  

  
2 9.6   

  

1-5 
1 10.3 

0.3 
  

  
2 9.9   

  

5-10 
1 9.9 

0.2 
  

  
2 10.1   

  

Ar1680 

0-1 
1 10.8 

0.8 
  

  
2 12.2   

  

1-5 
1 14.2 

0.5 
  

  
2 13.6   

  

5-10 
1 12.4 

0.1 
  

  
2 12.3   

  

Ar2020 

0-1 
1 11.7 

0.5 
  

  
2 11.0   

  

1-5 
1 15.6 

0.4 
15.7 

0.1 
17.4 

1.1 
2 16.1 15.8 15.8 

5-10 
1 24.0 

0.2 
24.1 

0.9 
25.5 

0.9 
2 23.6 22.8 24.3 

Ar2455 

0-1 
1 10.1 

0.1 
  

  
2 10.3   

  

1-5 
1 10.5 

0.1 
  

  
2 10.6   

  

5-10 
1 11.9 

0.0 
  

  
2 11.9   

  

Ar2720 

0-1 
1 12.5 

0.4 
  

  
2 11.9   

  

1-5 
1 15.7 

0.6 
  

  
2 16.5   

  

5-10 
1 22.8 

0.4 
  

  
2 22.2   

  

Yungay 

0-1 
1 8.9 

0.4 
  

  
2 9.4   

  

1-5 
1 11.0 

0.4 
  

  
2 10.3   

  

5-10 
1 11.2 

0.2 
  

  
2 11.4   

  

Bedrock  1 10.6 0.9     

2 9.4           
* Two of the samples with the highest content of HCl-Po were extracted additionally with 18O labeled 1M HCl solution to detect 

the potential incorporation of oxygen from the reagent via organic P hydrolysis. No significant δ18OHCl-P value differences were 

found between the same sample extracted by 18O labeled and unlabeled HCl solutions. 
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Fig. S1 The images for the soil profiles in the Aroma transect. 

  

Aroma 1340 Aroma 1680 Aroma 2020 

Aroma 2455 Aroma 2720 Yungay 
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